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Introduction
Thermokarst lakes are typically formed by the settlement of ground following thawing of icerich permafrost or melting of massive ice (van Everdingen, 2005) . They are widely distributed throughout the pan-Arctic lowlands (Smith et al., 2005) and also occur in alpine permafrost, such as mountain valleys and plateaus (e.g., Kaeaeb and Haeberli, 2001; Harris, 2002; Niu et al., 2011) . Thermokarst lakes do not only affect the continuity of permafrost (Burn, 2002) but are also important for the land-atmosphere energy exchange (Rouse et al., 2003) and the carbon cycle (Kling, 1991; Zimov, 1997) , aquatic ecology and migratory birds (Vincent and Hobbie, 2000) . Coincident with global increasing temperature, local warming would lead to abrupt environmental shifts such as rapid hydro-geomorphic changes (e.g, Arp et al., 2011) and accelerated greenhouse gases releases (Walter et al., 2006) . Therefore, understanding the mechanism of thermokarst lake evolution is essential for abrupt change adaptations in the cold regions. Compared to the relatively abundant research on thermokarst lakes in the panArctic, our understanding of the thermokarst lakes on the Qinghai-Tibet Plateau (QTP) is far less.
Given different hydro-meteorological conditions, the hydrological and thermal regimes of thermokarst lakes are different between the Arctic and the QTP. In the Arctic, the annual lake water storage change is mainly controlled by precipitation, evaporation, surface runoff induced by spring snowmelt and rainfall, and subsurface runoff induced by ground-ice thawing and infiltrated water (Bowling et al., 2003; Pohl et al., 2009) . Since snowmelt runoff dominates the annual runoff contribution (McNamara et al., 1998) , the major factors of the presence of permafrost, topography, the antecedent hydrologic processes (precipitation, evapotranspiration, and soil moisture) are essential to lake water balance. The subsurface flow affected by rainfall, active layer thaw only take place in the tundra region with a relatively thick organic layer (Quinton and Marsh, 1999) . In contrast, thermokarst lakes in the northeastern QTP have a different weather condition because summer rainfall is a major input, and snowmelt is rather small due to little snowfall. As a result, subsurface runoff can be very important to the lake water balance, and the factors affecting the precipitation-runoff mechanism like rainfall intensity and duration, soil hydraulic properties, active layer thaw should be addressed.
It is widely recognized that the permafrost degradation affects the hydrological cycles in high latitude or altitude environments, but the relationship between permafrost degradation and the change of streams, rivers, and lakes are still debated. Generally, permafrost degradation would result in lake expansion due to releasing meltwater and increasing contributing area of the lake watershed (e.g., Connon et al., 2014) . Besides, thawing permafrost will lead to more water being routed through subsurface pathways and will increase groundwater storage capacity. Therefore, the increase of hydrologic and hydrogeologic connectivity of landscapes might lead to lake expansion (Walvoord and Kurylyk, 2016) . Therefore, the changing precipitation could interact with the water distribution over different attitudes and these complex relationships on the QTP should be further studied. For example, Lei et al. (2013) quantitatively assessed the water balances of six closed lakes in the central QTP for the period 1976-2010, and found that the increased precipitation and runoff, and decreased lake evaporation were the main causes for the coherent lake growth, and their contribution was much higher than the accelerated glacier discharge. Similar causes were suggested by Song et al. (2014) through qualitatively analyzing the relationship between the water-level changes of lakes and the potential drivers over the whole plateau in the 2000s. Zhou et al. (2015) did a thorough exploration of the water storage changes of the largest lake (Selin Co) for a period of [2003] [2004] [2005] [2006] [2007] [2008] [2009] [2010] [2011] [2012] and found that the contribution of lake inflows accounts for 49.5% for the lake growth, while precipitation and evaporation over the lake collectively account for 40.4%. However, the precipitationrunoff (surface and subsurface) mechanism, controlled by permafrost was seldom addressed in these studies.
In this study, we characterized the hydrological mechanism of two shallow thermokarst lakes on the northeastern QTP, by intensive field-observations over three years and a water balance model. The specific objectives are to: (1) quantify the contribution of suprapermafrost discharge to the lake water balance through a water balance with the suprapermafrost flow contribution treated as a residual term; and (2) conceptualize the precipitation-runoff mechanism. To be an alternative method of the stable water isotope tracing (e.g., Gibson, 2001; Brock et al., 2007; Labrecque et al., 2009; Turner et al., 2010; Yang et al., 2016) , the direct water balance quantification in this study cannot only infer the hydrological mechanism of the thermokarst lakes, but also can provide new insights for interpreting the lake growth trends on the QTP.
Site description and instrumentation
The study site is located at 35°11'N, 93°57'E with an elevation of 4445 m a.s.l. (above sea level) in the north-eastern QTP, China (Fig. 1) . It lies on the riverbank of the Chumaer River on the Chumaer High Plain. Permafrost in this area consists of a thick active layer (> 2 m) and underlying ice-rich permafrost with a thickness of 20-30 m (Zhou et al., 2000) . The terrain is gently sloping to the river, and a large amount of small and shallow thermokarst lakes spread in this region (Niu et al., 2011) .
Two small thermokarst lakes (Lake A and Lake B Fig. 1b ), a few kilometers from the Chumaer River, were selected to investigate their hydrological dynamics. Both of them are rectangular in shape, and they gently slope towards the river valley in the north. The openwater areas of Lake A and Lake B are about 6000 m 2 (50m×120m) and 15400 m (70m×220m), respectively. Lake A is relatively isolated to other lakes, while Lake B is intermittently connected to the other lakes via a trail (dashed line in Fig. 1b) , which could be a hydrologic conduit when the lake overflows. These lakes in this region are usually ice-free for a half of the year, and they may freeze to the bottom due to their shallow water depths (less than 2 meters) (Niu et al., 2011) .
The hydrological conditions of the two lakes have been studied before. Using borehole temperatures and Electrical Resistivity Tomography sounding, You et al., (2017a) found that there is no permafrost underlying Lake A, which means a through talik. In addition to the annual expansion-shrinking cycle, the lake has been slowly expanding due to lateral thermal erosion by supra-permafrost water flow (You et al., 2017b) . The borehole drilling around the lakes shows that the strata consist of a surficial layer of sandy loam and gravel (2-2.5 m) and a thick layer of weathered mudstone, over 20 m. For the coarse soil of the upper layer, the supra-permafrost discharge is significant in the lake water dynamics (Pan et al., 2014) .
Although the lakes connect to the sub-permafrost aquifer, the lake seepage through the thick and low permeable lacustrine deposits is rather small according to the borehole drilling.
Therefore, the lake water dynamics are mainly controlled by the land surface processes and supra-permafrost lateral flows, but not by the vertical thorough flows.
An automate soil-weather monitoring station was located close to the lakes. A detailed description of the instrumentation can be found in Pan et al. (2016) . Meteorological data from 2007 to 2011 shows mean annual air temperature was -4.0°C and the mean annual precipitation about 300 mm (Pan et al., 2014) . Observations from the weather stations show only 2.3% of precipitation occurred as snow in winter from 1962 to 2004 in this region (Li et al., 2006) . The rainy season mainly occurs between June and September, and a thin snow cover usually appears on land before and after the rainy season.
Lake water-level and bottom temperature dynamics at the two lakes were monitored using two water level loggers (HOBO U20 Water Level Data Logger, Onset Computer Corporation).
They were put on the lake floor in a deep area, where the water depths at that time were 65 cm and 58 cm at Lake A and Lake B, respectively. The water levels were both monitored with an interval of one hourly at the beginning, but the logger at Lake A was set to take measurements every two hours since October 26, 2013. In addition, monitoring of the supra-permafrost water level at borehole B0 on the northern bank of Lake A was initiated on October 31, 2012.
A level logger was deployed at a depth of 1.56 m, which was about 20 cm below the suprapermafrost water level on that day. These recorders have a typical accuracy of 0.5 cm for water head measurements, as is specified by the manufacturer of the instrument.
Methods

Seasonal water balance
For understanding the seasonal difference, two water budgets were performed in each hydrological year at the two lakes. One is for the ice-free season and the other one is for the ice-cover season. Components of lake water balance mainly include precipitation, surfacesubsurface lateral inflow, evaporation/sublimation, vertical seepage, and surface-subsurface lateral outflow. A general lake water balance is expressed as
where, P is direct precipitation (including solid and liquid forms) to the lake, mm d , and ∆S is the lake water volume change, mm d -1 . For the two lakes, lake water seepage through the low permeability mudstone was assumed negligible. Therefore, the water balance Eq. (1) is simplified as
where, P, E, and ∆S are calculated from field observations, but ∆L is unknown.
The ice-cover period is between the freeze-up date and the break-up date, which it is usually determined by in-situ identification or remote sensing (e.g., Livingstone, 1999; Kouraev et al., 2007) . However, the in-situ freeze-up and break-up dates are not available for the study sites.
We defined the freeze-up and break-up dates based on air temperatures and lake bottom temperatures. During the ice-free season, there is no thermal stratification of the QTP thermokarst lakes because of turbulent mixing in their shallow water bodies (Niu et al., 2011) .
However, during the early ice-cover season, the emergence of ice cover would reduce the lake water temperature variations below the ice cover. Consequently, the diurnal range of lake bottom temperature also decreases in the early ice-cover. As illustrated in Fig 2b, a clear transition of the diurnal amplitude of the lake bottom temperature occurs at the end of the icefree season. Similarly, the transition can be found at the end of the ice-cover season, although there are some abnormal measurements at the end of the ice-cover season. In this study, we define the freeze-up date to be the day with a maximum air temperature of zero degree along with a clear seasonal decrease of the daily amplitude of the lake bottom temperature.
Similarly, we define the break-up date as the day with a mean air temperature of zero degree along with a clear seasonal increase of the daily amplitude of the lake bottom temperature.
Thus, the gray areas in Fig These periods are consistent with the field observations of ice formation at the thermokarst lakes on the northeastern QTP (Lin et al., 2010; Niu et al., 2011) .
Estimating lake evaporation/sublimation
The lake evaporation E was estimated separately as open-water evaporation E t for the icefree season and sublimation E f for the ice-cover season. The open-water evaporation E t is commonly determined with physical models. There are a wide variety of methods such as mass balance, energy budget models, bulk transfer models, combination models, equilibrium temperature methods and empirical approaches (e.g. Finch and Calver, 2008; McMahon et al., 2013) . However, there is no generally accepted best method and different evaporation models often give different estimations (Finch and Hall, 2001 ). In practice, method selection usually relies on the data availability and quality. Given the limited measurements of lake water temperature, the straightforward approaches using a lake surface energy balance are not viable for the studied case. Concerning the open water with a depth less than 2.0 m, an alternative approach suggested by the FAO (Allen et al., 1998) was used by combining a terrestrial method and a coefficient K w as
The reference evapotranspiration ET 0 was calculated based on available measurements from the automatic weather station nearby the lakes, and a value of 1.05 for the coefficient K w was used as suggested by FAO-56 for the shallow lake with a depth of less than 2 m. The ; T a is daily mean air temperature, ℃; u is daily mean wind speed at 2-m height, m s -1 ; e s and e a are saturated and actual vapor pressure, respectively, kPa; ∆ is slope vapor pressure curve, kPa ℃ -1 ; γ is psychometric constant, kPa ℃ -1 . Calculation of corresponding atmospheric items is listed in Table 1 .
Soil heat flux density G in Eq. (4) was determined by measuring the total thermal energy change in the active layer. The total energy including sensible heat and latent heat can be calculated from soil temperature and water content measurements in the active layer. The latent heat of fusion from solid to liquid was determined from the measured unfrozen water content and ice content, and the latter one was calculated using the pre-freeze soil water content minus the measured unfrozen water content. Here, an areal density E g was used to
represent the stored energy in the active layer. In this study, the active layer is defined to be between the surface and a reference depth z r (2.28 m), which was the deepest soil water content sensor close to permafrost table. E g was calculated from the reference state where the soil is assumed to be at zero temperature. .
Given the deep reference depth with negligible heat flux below it, surface soil heat flux density G is calculated by
Estimating sublimation E f is challenging due to limited knowledge for winter sublimation (Liston and Sturm, 2004) . In the pan-arctic, sublimation can be up to 50% of the total winter precipitation due to the strong blowing snow (e.g., Sturm et al., 2001; Pomeroy and Essery, 1999) , but winter snow sublimation on the QTP is insignificant because the amount of snowfall is rather small. But lake ice sublimation may not7 be negligible. Thus, for the icecover season, the sublimation was roughly estimated with the aerodynamic method in this study. The daily sublimation E f , mm d -1 , is determined as the product of an empirical wind function and the atmospheric saturation deficit between the evaporating surface and the overlying atmosphere (Kuchment and Gelfan, 1996) 
where sv L is the sublimation heat of ice (2.834 MJ kg -1 ), and the saturation vapor pressure over ice surface ' s e , kPa, is calculated by 
The uncertainty of the estimations of the lake evaporation and sublimation (E t , E f ) originate from the error of meteorological measurements (typically around ±5%) and the model error, namely, improper evaporation/sublimation model presentation. For E t , it is mainly affected the empirical factor K w , which is sensitive to water depth (Finch and Calver, 2008) . For E f , it is mainly affected by the empirical wind function, since it was derived from snow surface rather lake ice surface. On average, an error of 15% was approximated in these seasonal estimations E t and E f .
Rainfall estimation through soil water content observations
Snow precipitation observations were not available, but snow cover can be roughly inferred from observations of distance change from an acoustic sensor. Considering a few light snowfall events, they were neglected in Eq. (2). Rain precipitation was measured with a tipping bucket rain gauge. However, the monitoring of rainfall by tipping bucket rain gauges in remote and harsh fields suffers from limitations, i.e., disturbances by bird drop, and data gaps due to instrument malfunction. Therefore, an alternative approach using near-surface soil moisture is preferable considering the robustness of field measurements (e.g., Brocca et al., 2013) . This method employs a simplified water balance for a shallow layer depth, including precipitation, fluctuation rate of soil water storage and downward drainage rate
where, P is estimated rainfall, mm d -1 ; Z is the water capacity of the soil layer, mm; a and b are the parameters of the drainage rate, mm d -1 and dimensionless, respectively; s(t) is the measured relative saturation of the soil; t is time, d (day). For a specific site, the parameters (Z, a and b) can be estimated through calibration. Excellent performances of this approach have been demonstrated at sites over a range of climates and locations in Europe (Brocca et al., 2015) .
In this study, daily rainfall rates were estimated with the above-mentioned approach by using soil water content measurements at a depth of 10 cm near the surface. The porosity of the sandy loam soil is 0.4. Using a fourth-order Runge-Kutta scheme for the discrete form of Eq. (9), the parameters were solved by minimizing the measured relative soil saturation values in the first ice-free season (June 29 to October 14 in 2012). Results in Fig. 3a show a satisfactory correlation coefficient (R = 0.69) between observed and estimated daily rainfall rates. However, it is known that this type of methodologies based on soil moisture data for estimating or correcting rainfall usually underestimates the total rainfall amount, and the bias depends on the soil saturation (Brocca et al., 2015) . Given the observed saturation in Fig. 3b, we estimated the standard error of the mean difference between observed and estimated values by a bootstrap method (Efron and Tibshirani, 1993) . The estimated standard error of the mean is 0.35 mm d -1 . The bias of underestimation reached an average of -21%, which is within the reported bias range by Brocca et al. (2015) . The subsequent ice-free seasons were all directly calculated using the calibrated parameters (Z = 216 mm, a = 12.0 mm d -1 and b = 3.39), and their uncertainties were assumed to be the same as the calibration period.
Lake water volume change
Lake water volume change in ice-free season was determined from water level observations. It is measured by the absolute pressure difference between water pressure and atmospheric pressure from water level loggers. The atmosphere pressures used in this study were corrected from measurements from a weather station in the same region (Beiluhe, 4630 m a.s.l.), since the barometer malfunctioned at the site. Overall, the accuracy of water level is around 5 mm according to the sensor specification by the manufacturer. Here we note that the effect of lake topography on water budget was often neglected as in typical lake water balance models (Hayashi and van der Kamp, 2007; Finch and Calver, 2008) .
For the ice-cover season, the above calculation for water level can be valid at the beginning and the end of the period due to the connection of lake water to atmosphere via active layer surrounding the lake edge. However, the sensors cannot be used in freezing soils, and this leads to data gaps of the water level measurements in Fig. 4b .
Determining the supra-permafrost discharge
The flow paths of surface and subsurface runoff varied in time in space, making it difficult to directly measure the net lateral water flux ∆L. In this study, ∆L was determined as the residual of other water balance components from Eq. (2)
Since surface runoff was negligible in this gentle plain with high permeable soils and little snow melt water, Lake A is a water-closed system. While Lake B is approximately waterclosed except that sporadic intermittent runoff might occur through the trail when extreme precipitation happens. Generally, ∆L is dominated by the supra-permafrost discharge, which could be inferred from direct observations of water levels of the supra-permafrost aquifer and the lakes.
The uncertainty of the supra-permafrost discharge ∆L is dependent on the errors in P, E, and ∆S in Eq. (10). The uncertainties in P and E represent cumulative errors, and the uncertainty in ∆L means point-in-time error between the beginning and end of each season. For the icefree season, errors in these three inputs were considered. But only the first two were included for the ice-cover period, because snow precipitation was assumed to be zero. Generally, the uncertainty for ∆L was represented by the estimated by the 95% confidence intervals estimated from a root mean squared sum of the errors of water balance components in Eq.
(10).
Results and discussion
Lake water balance and seasonal supra-permafrost discharge estimations
The hydrological conditions over the years 2012-2014 are shown in Fig. 4 , and the quantified water balance components for each season are presented in Table 2 . The daily mean air temperature ranged from -23.5 to 13.0°C, and the active layer experienced seasonal freezethaw cycles down to a depth of around 2.4 m. The precipitation was concentrated in the icefree season, and was negligible in the ice-cover season. As a result, the water level of the lakes was significantly elevated by rainfall in the ice-free season and decreased gradually in the ice-cover season. The corresponding contribution of the supra-permafrost discharge is summarized as follows.
In the ice-free season, the water level dynamics of the lakes were strongly correlated with rainwater. The rapid rises of the lake water levels are consistent with the rising suprapermafrost water level in the seasons of 2013 and 2014. The supra-permafrost discharge in the three ice-free seasons ranged from 194 mm to 667 mm, with a mean of 407 mm at Lake A, with a smaller mean discharge of 362 mm at Lake B. The difference is attributed to the size of the open areas of the two lake systems. Lake A is rather disconnected, but surface runoff goes into Lake B if the water level is over a certain threshold.
During the ice-cover season, the contribution of the supra-permafrost discharge to lake water volume change was not negligible before freezing up of the active layer. Without direct observations of the lake water volume changes, the water storage changes were deducted from the beginning and the end of the ice-cover season. From 2012 and 2013, the supra-permafrost discharge estimates varied between -77 mm and 0 mm at Lake A and between -58 mm and 42 mm at Lake B, respectively. The opposite water flow directions between the lake and the supra-permafrost aquifer in the dry year of 2012 and in the wet year of 2013 indicates that there was a considerable supra-permafrost discharge before freezing up of the active layer in the wet year. Figure 5 compares the seasonal contributions of the supra-permafrost discharge of the lakes. In the ice-free seasons, the supra-permafrost discharge contributed a mean of 177% that of the direct precipitation for lake volume at Lake A, 168% at Lake B. The mean ratio of the inputs of the supra-permafrost discharge and direct precipitation are both over 150%. In the ice-cover seasons, the contribution of the supra-permafrost discharge to the change of lake water volume varied between 22% and 0 from 2012 to 2013 at Lake A and between 18% and -20% at Lake B.
Major factors affecting the seasonal supra-permafrost discharge
In the ice-free season, the supra-permafrost water generates from precipitation and active layer thaw, and the supra-permafrost discharge to lakes is also influenced by factors like precipitation intensity, time, and the freeze-thaw process. Figure 6 compares the normalized accumulative rainfall and supra-permafrost discharge for the three ice-free seasons in 2012, 2013, and 2014. A fill-spill pattern (Spence and Woo, 2003) is generally summarized as follows. First of all, the supra-permafrost discharge emerges when saturated layer forms in the thawed supra-permafrost aquifer. As shown in Fig. 4c , a saturated layer in the suprapermafrost aquifer normally formed in early July when the thawing front reached a water level about 1. 4 m below surface. When the supra-permafrost water level is elevated over this threshold by an intense rainfall event, and the supra-permafrost discharge will increase nonlinearly. Finally, the discharge decreases and the flow direction is even reserved for some cases in the late autumn. Generally, most of the large supra-permafrost discharges occur with the intensive rainfall events, but the relationship between the rainfall and the supra-permafrost discharge is also affected by the open surface area of the lake system and water level in the active layer. As a sink of a local closed system, Lake A did not spill as Lake B with sharp recessions after intensive rainfall events, since intermittent runoff happened at Lake B when the water level is over a certain height. In addition, the dramatic drop of accumulative flux in 2014 at Lake A happened at the end of May, when the lake was connected to the suprapermafrost aquifer by active layer thaw with a higher water level than 1.4 m.
In the ice-cover season, the seasonal supra-permafrost discharge was controlled by the relationship of water exchange between the supra-permafrost aquifer and the lake during the active layer freeze. Considering the coarse soils, the influence of the freezing suction on the supra-permafrost water level decrease is thought to be negligible. The regional suprapermafrost water drained via the saturated zone until frozen up (e.g., zone 1 and zone2). After a dry ice-free season, water heads of the supra-permafrost aquifer and the lake are both low and drained consistently. The lake spilling led to a negative ∆L value in 2012. In contrast, after a wet ice-free season, the supra-permafrost aquifer still filled the lake and resulted in a positive ∆L value in 2013.
In general, the dramatic change of the lake water volume is dominated by the precipitation change which causes supra-permafrost discharge. The response of the lake water volume to different weather conditions is illustrated in Fig. 7 . For a dry weather, the lake is mainly filled by the supra-permafrost discharge in the ice-free season and conversely recharge the suprapermafrost aquifer in the ice-cover season. However, for a wet weather, the supra-permafrost discharge to the lake increase dramatically in both seasons, and leads to a larger water volume. Furthermore, the warming climate will not only affect the thickness of the active layer, but also lead to the formation of a talik which will likely increase the supra-permafrost discharge in the ice-cover season. The conceptual permafrost mechanisms related to the supra-permafrost discharge in Fig. 7 is expected to be more common in the near future.
Implications for the recent changes of the high-altitude lakes
Given such an important role of the precipitation-induced supra-permafrost discharge in the lake water dynamics, identifying the relationship between the supra-permafrost discharge and precipitation is essential for understanding the consequence of precipitation change. Figure 8 shows the monthly and seasonal observations of the supra-permafrost discharge and precipitation for both lakes, and exponential functions were used for fitting. The dispersive distribution in Fig. 8a is mainly related to the active layer thawing. As shown in Fig. 6c and 6e, the changes of the supra-permafrost discharge at the beginning are not controlled by precipitation but the active layer thawing. Besides, limited by the short period of seasonal observations in Fig. 8b , the relationship might be less representative. Nevertheless, the suprapermafrost discharge increases nonlinearly with precipitation increase. Thus, the precipitation-runoff function would be a key factor in predicting supra-permafrost discharge in response to precipitation increase. Furthermore, the other factors like active layer thaw and permafrost distribution also affect the runoff coefficient along with permafrost degradation in a longer period.
From three-year intensive field measurements, this study exemplifies the importance of subsurface runoff to the water balance of a simple thermokarst lake system at high altitude (>4400m a.s.l.). Because of a relatively short period of observations, verifying the decadal change of the thermokarst lakes is not viable. However, the three-year measurements provide data for us to propose a nonlinear relationship between precipitation and supra-permafrost discharge which can be important for the recent high-latitude lake growth on the QTP. The above results might be also valid for the large lakes in other permafrost environments, although we need to further understand their hydrological processes. Therefore, future studies should further investigate the amplified subsurface runoff due to precipitation increase which many current hydrological models for the large lakes in the permafrost catchments have not well considered.
Summary and conclusions
In this study, we have used different field observations between 2012 and 2014 to investigate the hydrological dynamics of the two shallow thermokarst lakes on the northeastern QTP.
From these, we have identified that the supra-permafrost discharge can be a specific control factor of the QTP lake expansion. Our findings are summarized as follows;
(1) In the cold and arid QTP, our three-year water budget results show that the annual vertical water input to the thermokarst lake system is -360.5 mm. Therefore, in this relatively closed system, the precipitation-controlled supra-permafrost discharge is the main control of lake volume for the investigated thermokarst lakes in the ice-free season, instead of direct precipitation input to the lake.
(2) Seasonal lake water volume is affected by the supra-permafrost discharge, apart from the vertical input. In the ice-free season, the supra-permafrost discharge contributes the lake volume with a mean ratio of over 170% of the precipitation. During the icecovered season, the connectivity between the lake and the permafrost reduces. As a result, the lake volume change has less contribution from the supra-permafrost discharge, and the contribution can be negative in some cases. Our estimation is between -20% and 22% for the lake volume change due to the supra-permafrost discharge in the ice-covered season.
(3) Our results provide evidence that the recent lake expansion is linked with the increasing precipitation-controlled supra-permafrost discharge. A precipitation-runoff function was preliminarily identified in which the supra-permafrost discharge nonlinearly increased with precipitation increase. This could be a key factor in predicting the water storage variation of the thermokarst lakes in response to precipitation increase, apart from the factor of permafrost change.
Based on the above precipitation-runoff mechanism, we suggest that the nonlinear increase of the precipitation-controlled supra-permafrost discharge may be not negligible in contributing the recent lake growth on the QTP. In addition to only looking at inputs (e.g., precipitation and river discharge) in the current prevailing studies, we should pay more attention to the supra-permafrost discharge. Apart from the factors like thickening active layers and increased precipitation, the precipitation-runoff mechanism in permafrost catchments is another important control factor for lake water storage variation at a decadal scale. In light of the complex hydrological system of large lakes, further verification of the insights from the small thermokarst lakes is needed for interpreting the recent lake expansion. 
T : the daily mean air temperature, [℃] . (Tetens, 1930; Murray, 1967) ε : ratio molecular weight of water vapor/dry air, 0.622 (Brunt, 1952) (Burman et al., 1987) (Fig. 1b) . Zone 1 and Zone 2
shows the potential supra-permafrost water discharge at the beginning of the ice-cover seasons. 
Highlights
• The precipitation-induced supra-permafrost discharge plays an important role in the water balance of thermokarst lakes on the Qinhai-Tibet Plateau.
• The contribution of supra-permafrost discharge to lake water balance can increase nonlinearly with precipitation, based on an exponential precipitation-subsurface runoff relation.
• The results provide a novel conceptual model for interpreting the recent lake growth on the Tibetan Plateau.
